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Abstract. The study of collision structures is
conducted based on the complex model of the
thermal and mechanical evolution of
overthrusting process for the rheologically
layered lithosphere, which includes brittle upper
crust and the lower crust and lithospheric upper
mantle with different effective viscosity values.
Finite element models with Lagrangian approach
were used for the problem simulation to study
the real deformation and thermal history of
orogen. Horizontal shortening leads to the
upper crust overthrusting along the fault zone,
additional loading to the lower layers which is
redistributed in the process of uplift and erosion.
This work concentrates on the thermal evolution
of collision zones that formed due to upper crust
overthrusting movement accompanied by ductile
flows at the levels of the lower crust and the
upper mantle. The major controls on thermal
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evolution of the regions with the thickened conti-
nental crust are the radiogenic heat supply within
the crust, the thermal conductivity of the layers
(including its anisotropy in the upper crust) and
the rate and time scale of erosion. Calculations
of different radiogenic heat content and thermal
conductivity in the upper crust lead to the con-
clusions concerning the time and level of gran-
ite melt formation. The horizon of temperatures
higher than wet granite solidus appears at the
level of 30–40 km, moving upward to the depth
15–20 km at postcollisional stage. The range of
maximum temperatures is presented based on the
numerical modeling with reliable set of thermal
parameters.

Introduction

Continental collision by overthrusting shows one of the
possible ways of the granite melting formation and gran-
itoids exhumation. Collision structures are character-
ized by the crustal thickening under the orogen uplift,
high-grade metamorphic rocks exposed at the surface
due to erosion and postcollisional uplift, widespread
granite magmatism, complex zone of seismic reflec-



tions and high velocities, which results from layering
and stratified structure, and marked by positive gravity
and aeromagnetic anomalies. These fundamental com-
mon features reflect the effect of the main tectonic
event – horizontal shortening in compression setting,
collision of two continental plates accompanied by the
thickening of the crust and the surface uplift and its
denudation. Extensive development of horizontal and
oblique motions of crustal plates and blocks leads to
the disturbances in the thermal regime, heat flow, the
surface and Moho topography. The main petrologic
mark of such collision is granite melt generated at dif-
ferent depth’s levels and exposed at the surface of the
terranes and collisional shear zones as a result of the
uplift and denudation.

The structure, geometry and evolution of collisional
orogens remain a complicated problem of geophysics.
In the past years, a great number of important contri-
butions have been made to the understanding of colli-
sional dynamics. Alpinotype collision is characterized
by convergence of two continental buoyantly similar
plates whose dynamical evolution is governed by the
process of overthrusting. The numerical studies of oro-
genic processes are based on models with different as-
pects and details of collisional orogens, including con-



straints from the thermal structure observed in moun-
tain chains by thermobarometric studies [e.g. Beau-
mont et al., 2000; Burg and Gerya, 2005; Burov et
al., 2001; Faccenda et al., 2008; England, Thompson,
1984; Fernandez et al., 2016; Jammes, Huismans,
2012; Willett et al., 1993].

Precambrian continental shields such as the Anabar,
Baltic and Canadian, are the structurally stable areas
for at least the last 1.6 Ga. Deeply eroded structures of
the shields formed in the process of multistage tectonic
evolution including horizontal shortening and collision
expose at the surface middle to the lower crustal rocks
uplifted along the faults from the depths 20–40 km
[Perry et al., 2006; Rosen, Fedorovsky, 2001]. These
exposures exhibit asymmetric patterns of metamorphic
grade and age across the faults, distinctive Bouguer
anomalies reflecting dipping basement structure and
often anomalously deep crustal roots. Thermal and
deformation structures formed by the crustal thicken-
ing and shortening determine to a considerable extent
the further evolution of a tectonic unit, subjected to
compression. Extension in orogenic zones, defined as
horizontal stretching of a lithosphere, that has under-
gone thickening and shortening, involving perturbations
of the lithosphere thermal regime, may be a respond to



the increase of vertical stress due to the surface eleva-
tion and buoyant roots. There are several examples of
compression belts that did not experience lithospheric-
scale post-orogenic extension [Mareschal, 1994; Perci-
val, 1990]. A crustal root is preserved beneath the Ap-
palachians, some parts of the Grenville front, under the
Kapuskasing structural zone in the Superior Province
of the Canadian Shield, the Limpopo belt of Southern
Africa, collision belts in the Anabar Shield (Figure 1).

High temperature metamorphism and widespread gra-
nite magmatism are common features of many ancient
continental collision structures. Deeply eroded areas of
the Archean and Proterozoic continental shields formed
in the process of tectonic evolution including horizon-
tal shortening and collision expose at the surface middle
to the lower crust rocks. This phenomenon seems to
be valid also for active collision zones. The massive
layer of granite melt approximately of 10 km thickness
is observed at 10–15 km depth by seismic methods in
the resent orogens such as the Himalayas [Rosen, Fe-
dorovsky, 2001]. The Paleozoic Variscan orogen in Eu-
rope is characterized by large volumes of felsic granites
intruded during HT-LP metamorphism and exposed in
deeply eroded parts of the Variscan belt (the South
Bohemian Batholith) [Gerdes et al., 2000].



Figure 1. (a) Metamorphic zonation sketch
map of the Anabar Shield: 1–4 metamorphic grades:
1 – HT-HP, low gradient – 23–26◦C/km, 2 – MT-MP,



mean gradient – 28–32◦C/km, 3 – MT-LP, high gradi-
ent – 32–35◦C/km, 4 – MT- and LT-LP, high and mean
gradient – 32–35◦C/km (a), the same, imposed on the
rocks of HT metamorphism (b); 5 – rock boundaries; 6
– boundary of the platform cover; 7 – faults; 8 – gran-
ites; 9 – granodiorites. (b) Schematic paleo-geodynamic
profile of crustal structure in the northern part of An-
abar Shield at the end of collision process: MT – the
Magan, DT – the Daldyn, HT – the Hapchan terrains;
KZ – the Kotuykan, BZ – the Billyakh collision zones;
Pr – the paleo-relief surface; M – upper mantle [Rosen,
1995].

The main reason for granite melt generation in col-
lision setting is disturbances in the thermal field in the
thickened crust. The thermal events and parameters
which lead to temperature change at different depths
are the following: total radiogenic heat supply within
the thickened crust, the thermal conductivity of the
layers, non-uniform horizontal heat transfer due to the
tectonic deformations, local frictional heating resulting
from the movement along the fault, as well as the rate
and time scale of uplift erosion.



Estimates of Crustal Heat Production and

Thermal Conductivity

The continental crust is a repository of long living ra-
dioactive elements such as uranium, thorium and potas-
sium. The amount of these elements is a key param-
eter for the thermal regime of continents and mantle
evolution during the process of crust extraction. The
estimates of average concentrations of main radiogenic
isotopes of 235U , 238U , 232Th and 40K vary by almost
a factor of 2. It leads to the estimates of crustal heat
production in the range of 0.55–1.31 µW/m3. Average
crustal heat production study for wide set of Precam-
brian provinces, obtained by systematic surface sam-
pling, leads to a very wide range of surface heat pro-
ductions 1.01–3.6 µW/m3 [Jaupart, Mareschal, 2004].
For Archean and Proterozoic provinces of Canada and
South Africa radiogenic heat production estimated as
0.6–2.3 µW/m3 [Jaupart, Mareschal, 1999]. Post-
collisional granites generation of Paleozoic age (the
Variscan South Bohemian Batholith) 330–370 Ma ago
took place in the case of non-uniform distribution of
radiogenic heat production with maximum values of
1.9–2.1 µW/m3 at the depth’s interval of 2.6–23.4 km
[Gerdes et al., 2000]. In the oldest provinces of Archean



age the standard deviation of heat flow density 11 mW/m2

for an average value 41 mW/m2 is large and reflects
important variations of crustal composition and heat
production in different provinces of the same age [Ny-
blade, Pollack, 1993]. This is valid for the heat flow
variations within the given province.

Measurements of heat production in deep boreholes
at Kola (Russia), KTB (Germany) and in Chine did
not show systematic variation of heat production with
depth. Heat generation in the Archean rocks in the
depth interval 8–12 km is higher than in shallower Pro-
terozoic section [The Kola Superdeep, 1998]. The heat
production in the 5 km main hole in the Chinese con-
tinental scientific drilling program shows increase from
∼ 0.5 to 1.7 µW/m3 [He et al., 2008]. At KTB, heat
generation is the same at the depths 8–9 km and 1–
2 km [Clauser et al., 1997] (Figure 2).

Vertical variation of heat production is not monoto-
nously decreasing (as in widely used exponential law)
and cannot be described by a simple function valid ev-
erywhere [Jaupart, Mareschal, 2011]. This fact was
supported in exposed crustal sections such as the Vre-
defort in South Africa [Nicolaysen et al., 1981], the
Kapuskasing-Wawa [Ashwal et al., 1987] and Pikwitonei-
Sachigo areas of Canada [Fountain et al., 1987].



Figure 2. Heat production profile in the KTB bore-
hole in Germany.



Based on detailed crustal heat generation and heat
flow data throughout the world the authors [Jaupart,
Mareschal, 2004] estimated contribution of three dif-
ferent age continental crust to the heat budget. Heat
production of Archean estimated as 0.56–0.73 µW/m3,
0.73–0.90 µW/m3 for Proterozoic, and 0.95–1.1 µW/m3

for Phanerozoic age. Keeping in mind all these facts
and conclusions, as well as exponential decay of ra-
dioisotopes with age and depletion of the lower crust,
we used in our model different constant values of heat
generation in tree studied layers, and 1.5 (low), 2.0
(normal), 2.5 (high) µW/m3 for the upper crust (Ta-
ble 1). These values are very close to selected in the
work of [England, Thompson, 1984] and are in the
range of last estimates of heat production values for
Canada [Majorowicz, 2016].

The thermal conductivity λ (La) in the lithosphere
is assumed to be independent of temperature and pres-
sure [England, Thompson, 1984]. The summary of
the thermal conductivity of crustal materials shows that
most conductivity determinations will be in the range
1.5 to 3.5 W/m K [Robertson, 1979], except for the
rocks with high content of quartz with higher conduc-
tivities. Most silicate minerals are anisotropic and their
thermal conductivity depends on direction. Higher con-
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ductivity value is measured in direction of foliation with
anisotropy coefficient 1.1–1.5 [Jaupart, Mareschal,
2011; Popov et al., 2008]. New data on the ther-
mal conductivity of mantle xenoliths along their long,
middle, and short axes also proves that λ depends on
the shapes of the samples, and these relations can be
explained by the dominant orientation of the crystal-
lographic axes of the olivine [Grachev, 2016]. In our
model calculations we assumed different constant val-
ues of conductivity in tree studied layers and conductiv-
ities of the upper crust as 2.0 (low), 2.5 (normal), 3.0
(high) W/m K (Table 1). We also considered a model
with increased upper crust conductivity (anisotropy co-
efficient 1.2) in the direction of main deformation.

Models of Viscous Flows and Thermal

Evolution

Thermal-kinematic model of continental collision cal-
culates pressure, velocity and temperature fields and
includes horizontal shortening, brittle overthrusting in
the upper crust compensated by the lower crust viscous
flow and erosion of the thickened crust. Finite-element
2-D modeling is used to examine the uplift history with



surface denudation, post-orogenic stage, the thermal
and kinematic conditions for high-temperature meta-
morphism and the depth, and timing of crustal melting
in the case of rheologically layered lithosphere.

The coupled thermal-mechanical model is developed
based on mechanical model for overthrusting zones [Par-
phenuk, 2014; Parphenuk, Mareschal, 1998]. Figure 3
shows the geometry of a two-dimensional model of the
lithosphere and boundary conditions used to simulate
ductile flow in the lower crust (yellow) and the upper
mantle (green) as a result of shortening, loading, and
erosion in overthrusting region, as well as thermal evo-
lution in the area including the upper crust (brown).
We assume that the rigid upper crust subjected to hor-
izontal shortening and overthrusting is broken by ver-
tical faults into separate blocks weakly connected one
with another. Such a rigid but flexible layer can be dis-
placed without contraction and extension. The geom-
etry and uplift algorithm are presented in [Parphenuk,
2014, 2015]. The numerical modeling is thus not con-
cerned with the brittle deformation in the upper crust:
the overthrusting and erosion are not included directly
in mechanical calculations but are introduced as bound-
ary conditions. In the right upper part of the model,
the effect of additional loading due to overthrusting is
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introduced in the boundary condition by the vertical
stress equal to the lithostatic pressure of the overly-
ing material. We assume, that the lower crust and the
lithospheric mantle have constant density and behave
like linear (Newtonian) fluids with constant effective
viscosity (ρ1 < ρ2 and µ1 < µ2).

The equations of momentum and mass conservation
for an incompressible Newtonian fluid then describe the
ductile flow in the lower crust and lithospheric upper
mantle (Figure 3): µi∇2u−∇P − ρig = 0

∇u = 0
(1)

where g is the acceleration of gravity, P is the pressure,
ρ – the density, u = (u, v) is the velocity, µ – the
effective kinematic viscosity. The subscript denotes the
material properties of the layer (i = 1 corresponds to
the lower crust and i = 2 to the lithospheric mantle).

Shortening is simulated by a moving vertical left
boundary and no-slip condition under the moving brit-
tle upper crust. The horizontal velocity on the up-
per boundary is the same as that of the moving upper
crust left of the fault and it vanishes right of the fault.
The normal stress varies horizontally because of the



lateral variations in mass of upper crustal material due
to the loading redistribution by erosion and sedimen-
tation. The upper crust overlying the ductile region
acts as a passive load, and the underlying part of the
lithosphere is deflected under the loading; the implicit
assumption is that the flexural rigidity of the upper
crust is neglected in these calculations. A lithostatic
equilibrium condition is assumed at the right boundary.
The viscosity of the underlying asthenosphere is consid-
ered much lower than that of the lithospheric mantle
and a lithostatic equilibrium condition is assumed at
the lower boundary

ρ1gd1 + ρ2gd2 + ρ3gd3 = const

The condition of local isostasy compensation at the
deeper level than given boundary in asthenosphere with
the same density as the lithosphere mantle is approxi-
mated by the condition that the normal stress is equal
to the lithostatic pressure at that depth without load-
ing:

P3(x) = ρ3gh3 + ρ1gh1 + ρ2g(h2 + hm)

The Navier-Stokes equations, the incompressibility
condition, and the boundary conditions were solved



by the finite-element method with Lagrange approach.
In these calculations, the nonuniform grid is deformed
with time and the nodes thus follow the real defor-
mation history. Some details of the numerical method
used are described in [Parphenuk et al., 1994] and nu-
merical method itself is based on the FEM algorithms
developed in [Reddy, 1984].

Calculations of velocity and temperature fields pre-
sented in this work are based on crustal thickening
by overthrusting with dip angle of faulting of 15◦ and
shortening duration of 20 Ma with a rate 0.5 cm/yr.
Total amount of horizontal shortening is thus 100 km.
For the thermal calculations we used the deformation
history for effective viscosity of the thickened lower
crust 1022 Pa s, and 1023 Pa s in the underlying up-
per mantle. We assume that erosion with a rate of
0.05 cm/yr and concurrent sedimentation start after
an additional crustal portion of a substantial thickness
is exposed (5 Ma).

The equation of energy conservation is solved for
the case of Lagrange coordinates with material time
derivative [Turcotte, Shubert, 1985]:

ciρi
DT

Dt
= λi∇2T + Hi (2)



where c is specific heat, ρ is density, λ is the thermal
conductivity, and H is the heat generation rate. The
thermal calculations are realized on the deformed grid
resulted from shortening. The model of thermal evolu-
tion thus consists of three layers: 20 km brittle upper
crust (i = 3 – upper brown layer), 20 km ductile lower
crust (i = 1, yellow) and 80 km lithospheric mantle
(i = 2, green) with different thermal, kinematic and
rheological parameters (Figure 3). Table 1 lists the
values of the basic parameters used for solution of me-
chanical (1) and thermal (2) problems. The assumed
temperatures at the surface T0 = 0◦ C and at the bot-
tom T1 = 1160◦ C are kept constant.

The Finite Element Modeling of Thermal

Evolution Associated With Thrusting

Geological structure of collision zones formed in the
processes of shortening, overthrusting and erosion at
the level of the upper crust, which are compensated
by ductile flows in the lower crust and upper mantle,
plays a major role in their thermal evolution. The zones
of melting which produce collisional granites essentially
result from the geometry and topography due to thrust-



ing [Jaupart, Provost, 1985].
In previous works [Parphenuk, 2014, 2015] the de-

tails of mechanical modeling and deformation history
of collision belts evolution during and after the conver-
gence process have been compared for main governing
parameters: shortening velocity (strain rate), viscosity
contrast, erosion rate and dip angle of thrusting. It was
shown that the process of denudation (with rates in the
range of 0.25–5 mm/yr) has a weak effect on the post-
collisional uplift evolution, which is governed mainly by
the viscosity values of the lower crust and lithospheric
upper mantle as well as initial geometry of the struc-
ture. But denudation results in surface exposure of
metamorphic sequences, typical for thrust faults.

This work concentrates on the thermal evolution of
collision zones that formed due to upper crust over-
thrust movement. The major controls on thermal evo-
lution of the regions with the thickened continental
crust are the radiogenic heat supply within the crust
and the thermal conductivity of the layers (including
its anisotropy in the upper crust). Calculations of dif-
ferent radiogenic heat content and thermal conductivity
in the upper crust lead to the conclusions concerning
the time and level of granite melt formation. The ther-
mal model presented here is based on the calculations



on the deformed grid as a result of shortening with a
rate 0.5 cm/yr for t = 20 Ma (total amount of short-
ening is 100 km), additional loading and denudation
of surface uplift for collision process itself and at post-
collision stage. The main model parameters are listed
in Table 1. The mechanisms of erosion and sedimen-
tation are poorly known, so we assumed a simplified
approach to this problem: the high-elevated regions of
the uplift are eroded and the material removed is de-
posited in the lower elevated parts; local erosion with
a rate 0.05 cm/yr for the model here starts after time
interval 5.0 Ma following the beginning of overthrust-
ing along the fault with the initial dip angle 15◦. At
postcollision stage the rate of local erosion rate de-
crease to 0.025 cm/yr. Rocks exposed at the sur-
face will show paleopressures resulted from upthrust-
ing, uplift and erosion. In the model considered meta-
morphic sequences correspond to erosion level increas-
ing monotonously from about 0.03 km to about 9 km
across the thrust fault.

Figure 4 illustrates evolution of the thermal field for
the “normal” set of heat production and thermal con-
ductivity. It shows the beginning of deformation pro-
cess with disturbed thermal regime (a), the final stage
of 100-km crustal shortening with a rate of 0.5 cm/yr (b)



Figure 4. Temperature distribution for “normal” crust
at: (a) – the beginning of deformation process, (b) – the end
of collision process with a rate of 0.5 cm/yr and (c) – post-
collision stage. Heat generation rate (Hn) is 2.0 µW/m3,
thermal conductivity λ (Lan) = 2.5 W/m K for the upper
crust. Horizontal and vertical scales 1 = 100 km. Blanked
areas show approximate position of partial melting zone for
“wet granite solidus” [Perchuk, 1973].



and the postcollision stage (c). The calculations show
the possibility of the partial melting and granite melt
generation subjected to the main thermal parameters of
the model – the initial temperature distribution, radio-
genic heat production and thermal conductivity. The
temperature increase can be fairly significant (up to
320◦C) at depths level of 10–30 km. In other words,
the temperature characteristic of depths of 40–60 km
is attained at depths of 20–40 km, creating the con-
ditions for the partial melting and granite melt gen-
eration [Parphenuk, 2005, 2012]. This observation
confirms the idea of crustal origin of the continental
collisional granites [England, Thompson, 1984]. The
partial melting zone (wet granite solidus) appears in the
thickened crust in the vicinity of thrust fault and widens
in the direction of thrusting and upward to the lesser
depths. Maximum temperature increase along the fault
zone is 300◦C. At the deeper lithospheric mantle lev-
els geotherms mainly follow the deformation and are
primarily controlled by initial conditions.

(Table 2) illustrates total set of models – 9 models
– with 3 different heat production values (Hlow, Hnorm,
Hhigh) and 3 thermal conductivities (Lalow, Lanorm,
Lahigh). It shows temperatures at the end of short-
ening (left columns) and 42 Ma after the end of tec-
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tonic event (right columns). The depths are ∼ 20 km
(the upper values)–upper–lower crust boundary, and
∼ 30 km – in the lower crust level under the middle
point of the uplift (∼ 80 km to the right from the point
x0 of Figure 3). Calculations show that these are max-
imum temperatures in horizontal direction mainly due
to the most thickened crust with high heat production
rate here. The expected result is that maximum tem-
perature rise is reached in the extreme case of Hhigh and
Lalow (the last value is typical mainly for sediments).
The heating is about 300◦C for the upper crust (initial
temperatures in the model are 460◦C for upper-lower
crust boundary and 610◦C in the lower crust). But
even in the case of “normal” values of thermophysical
parameters (middle of the table) the temperatures at
both the final and post-collision stages exceed melting
temperature. These results reproduce the main con-
clusions of 1-D model of [England, Thompson, 1984]
although we did not include the total erosion of up-
trusted layer. For given set of parameters the range
of maximum temperatures attained is 590◦C to 750◦C
from an initial temperature 460◦C and 670◦C to 88◦C
from an initial temperature 610◦C at the end of short-
ening (duration is 20 Ma). The further rate of temper-
ature rise for 42 Ma of postcollision evolution is much



less (compare with right columns), that demonstrates
the importance of the initial phase of heating due to
thickening.

Heat Flow History

Heat flow is the surface manifestation of the processes
of thermal field redistribution inside the studied areas.
The results of thermal modeling reflected in heat flow
evolution are shown in Figure 5 and Figure 6. Ther-
mal conductivity and heat production rate increase lead
to practically the same heat flow distribution over the
thickened crust at postcollision stage – 42 Ma after ter-
mination of shortening (Figure 5). Brocken line in the
top figure shows heat flow for the case of anisotropy of
thermal conductivity with λx = 1.2λy for “normal” val-
ues of parameters. The decrease of vertical heat loss is
fairly significant due to heat redistribution in horizontal
direction. And as for the case of temperature distribu-
tion maximum heat flow values characterize the most
thickened crust (∼ 80 km to the right from the point
x0 of Figure 3).

Figure 6 presents calculations of heat flow evolu-
tion over the point with maximum thermal disturbances
(∼ 80 km to the right from the point x0 of Figure 3) for



Figure 5. Surface heat flow distribution over the up-
lift (point 0 in horizontal direction corresponds the point
x0 in Figure 3) 62 Ma after the onset of shortening.
(a) Top picture shows the influence of different con-
ductivities λ: 1–2.0 (low), 2–2.5 (normal), 3–3.0 (high)
W/m K. Brocken line (4) presents results for anisotropic
λx = 1.2λy . (b) Bottom picture shows the influence
of different heat production rates H : 1–1.5 (low), 2–
2.0 (normal), 3–2.5 (high) µW/m3. Brocken line (4)
presents the end of shortening for “normal” model.



Figure 6. Surface heat flow evolution over the middle
point of uplift. (a) Top picture shows the influence of
different conductivities λ (La): 1–2.0 (low), 2–2.5 (nor-
mal), 3–3.0 (high) W/m K. (b) Bottom picture shows
the influence of different heat production rates H : 1–1.5
(low), 2–2.0 (normal), 3–2.5 (high) µW/m3. Shaded
area marks the time of shortening.



different heat production rates H : 1–1.5 (low), 2–2.0
(normal), 3–2.5 (high) µW/m3. According to model-
ing results heat flow value drops by about 10 mW/m2

above the bounding fault during obduction. A physical
basis of this phenomenon is that a plate with a cer-
tain initial temperature distribution is gradually over-
thrusted by a layer (in our model, the upper crust)
having the same initial temperature, and a “cold” layer
is overlain by a “hot” layer. The early postcollision
stages are characterized by the significant heat flow in-
crease because of the thickened upper crust layer with
maximum heat production. The stable heat flow values
are obtained in a time interval compared with thermal
conduction time for the crust and kept practically con-
stant due to the very small redistribution of additional
load in the course of uplift and local erosion at post-
collision stage.

Since the model is predominantly two-dimensional,
it can provide insights into the variety of metamorphic
conditions in a region that experiences deformations in
a horizontal compression setting. 2-D collision model
confirms the observation of a wide range of P − T
conditions over short distances in metamorphic belts
[Chamberlain et al., 1987]. As a result of upward
motion along the fault, the additional loading redis-



tribution in the course of erosion, and the viscous com-
pensation at the level of the lower crust, P − T his-
tories will be completely different for the points along
the thrust fault. For example, the material is trans-
ported from a depth of 20 km to a depth of about
4.5 km while the rocks that were initially located at a
depth of 3.5 km will experience a rather complicated
P − T evolution [Parphenuk, 2014]. At the postcol-
lision stage (after 20 Ma of shortening) the compres-
sional regime is changed by extension with very low
velocities. The very slow uplift and resulting erosion of
the upper crust at collisional and postcollisional stages
led to a reduced crustal heat production and to the
increased strength of the lithosphere. These processes
can result in the preservation of the crustal roots for
about 2 Ga [Parphenuk et al., 1994, 1998; Perry et
al., 2006].

Local effect may result from the frictional heating
along the slip zone during the overthrusting. The fric-
tional heat production is proportional to the product
of the shear stress across the slip plane, the velocity
of obduction and coefficient of friction. The additional
heating can raise the temperature by 50–150◦C at 10–
20 Ma only in the vicinity of slip zone in the case of hor-
izontal shortening rate of ∼ 4 cm/yr and thrust sheet



thickness of 20 km [Brewer, 1981]. This local and
moderate additional heating (in comparison with crust
thickening effect) is much less in our case of slower
thickening, but may initiate partial melting process. If
this happens the produced frictional heat sharply lessen.
As the relaxation of the local thermal anomalies pro-
ceeds rapidly enough, the melting may become a self-
limiting process and overthrusting will take place with
variable velocity.

Discussion and Conclusions

The numerical study of collision orogen formed as a
result of horizontal shortening of the lithosphere and
overthrusting of the upper crust confirm that this ther-
mal-mechanical model with ductile flow in the lower
crust can be feasible mechanism, explaining many fea-
tures of collision belts. Under the assumptions and
approximations of the model the calculations show that
for geologically reasonable strain rates 10−15−10−14 s−1

combination of 100 km shortening, loading due to over-
thrusting, erosion and sedimentation lead to the forma-
tion of deep crustal roots (by about 10–20 km over a
region 100–200 km wide), surface uplift and surface
metamorphic sequences, typical for thrust faults.



This work concentrates on the thermal evolution of
collision zones that formed due to upper crust over-
thrusting movement. It was shown that the major con-
trols on thermal evolution of the regions with the thick-
ened continental crust are the radiogenic heat supply
within the crust, the thermal conductivity of the lay-
ers (including its anisotropy in the upper crust), initial
thermal regime, and the rate and time scale of erosion.
Calculations of different radiogenic heat content and
thermal conductivity in the upper crust lead to the con-
clusions concerning the time and level of granite melt
formation. The horizon of temperatures higher than
wet granite solidus appears at the level of 30–40 km,
moving upward to the depth 15–20 km at postcolli-
sional stage. The thermal-mechanical model provides
the explanation of the possibility of deep crustal sources
for granite melting and gives the range of main param-
eters in the case of initial temperature distribution with
the heat flow value in the range of 50–60 mW/m2.

For given set of parameters the range of maximum
temperatures attained is 590◦C to 750◦C from an ini-
tial temperature 460◦C (the depth of upper-lower crust
boundary) and 670◦C to 885◦C from an initial tempera-
ture 610◦C (at the depth ∼ 30 km in the lower crust) at
the end of shortening (the duration is 20 Ma). The fur-



ther rate of temperature rise for 42 Ma of postcollision
evolution is much less, that demonstrates the impor-
tance of the initial phase of heating due to shortening.

Denudation is the main process in deep crustal rocks
exposure, which is observed in wide range of P − T
conditions over short distances in metamorphic belts.
It also leads to the upward movement of partial melting
zone which is observed at 10–15 km depth by seismic
methods in young orogens.

The following set of parameters is critical to initiate
crustal melting and granite formation: initial temper-
ature distribution with heat flow density value about
60 mW/m2, relatively high radiogenic heat production,
slow crustal thickening (0.5–1 cm/yr for 10–20 Ma) and
slow exhumation. The results of our thermal modeling
confirm other model estimates [England, Thompson,
1984; Gerdes et al., 2000].
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